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Failure to track a stable AMOC state under 
rapid climate change
 

René M. van Westen      , Reyk Börner     & Henk A. Dijkstra    

The Atlantic Meridional Overturning Circulation (AMOC), a tipping element 
of the climate system, currently has an estimated global warming threshold 
for collapse of +4.0 °C (uncertainty range 1.4–8 °C). However, such a 
threshold may not be meaningful because AMOC stability depends on the 
rate of radiative forcing change, not a set temperature. Here we identify 
an AMOC stabilizing mechanism that operates on timescales slower than 
present-day warming rates. Slow forcing permits coherent adjustment of 
surface and interior ocean properties, supported by enhanced evaporation 
and reduced sea-ice extent, counteracting destabilizing feedbacks. Using 
a slow CO2 ramp (+0.5 ppm yr−1) climate model simulation, we explicitly 
demonstrate the AMOC remains stable up to +5.5 °C of global warming. 
By contrast, under faster CO2 ramps, the AMOC collapses at substantially 
lower warming levels (+2 °C). Our findings demonstrate rate-induced AMOC 
tipping and imply that limiting the rate of emissions is critical for reducing 
the risk of an AMOC collapse.

Earth’s climate system contains various tipping elements in the bio-
sphere, cryosphere and hydrosphere1. These tipping elements may 
undergo a transition upon exceeding a critical forcing, often expressed 
as global warming thresholds2. For the Atlantic Meridional Overturn-
ing Circulation (AMOC), the threshold for a collapse is estimated to be 
at global warming levels of +4 °C, with a range from +1.4 °C to +8.0 °C 
(ref. 2). In particular, the lower bound of such estimates is important 
for society to identify safe operating spaces that minimize the risk of 
disruptive climate change3,4.

However, estimating a critical warming threshold for the AMOC 
poses several challenges, from limited palaeo-climatic evidence and 
simulated tipping events to model biases causing large uncertainty in 
the AMOC response to radiative forcing2,5–7. A key underlying assump-
tion behind such a threshold is that the present-day AMOC state will 
lose stability if the corresponding warming level is exceeded, triggering 
the onset of a collapse1,2,8. Combining this assumption with the future 
warming levels projected by models forced with the Shared Socioeco-
nomic Pathways (SSPs), it seems possible to determine when an AMOC 
collapse would begin.

Yet, many results indicate that the evolution of the AMOC depends 
on the rate of radiative forcing change—in observations9, in conceptual 
climate models10, in early global climate models11 and recently in a 

low-resolution Earth system model12. In addition, modelling studies 
have found sustained strong AMOC states in very warm climates13–16, 
for example under doubled or quadrupled CO2 levels. While studies 
have emphasized the forcing rate effects on the magnitude of AMOC 
weakening11,12, the question whether the forcing rate alone can deter-
mine AMOC tipping has been less investigated. An early study, using 
a zonally averaged three-basin ocean model10,17, demonstrated that a 
faster rate of radiative forcing can indeed collapse the AMOC while a 
slower forcing rate does not. This is one of the first examples showing 
rate-dependent tipping18,19 of the AMOC, meaning that it fails to track 
its current stable state for sufficiently fast forcing change.

An additional problem with a warming threshold is that the main 
destabilizing feedback mechanism of the AMOC may operate inde-
pendently of global temperatures. While certain tipping elements 
(for example, the Greenland Ice Sheet and West Antarctic Ice Sheet) 
are losing stability directly due to higher temperatures20–23, the AMOC 
is destabilized through the salt-advection feedback24–27. This feedback 
can be triggered by natural climate variability28–31 and thermal or haline 
changes in surface buoyancy fluxes over the North Atlantic Ocean32–35. 
Much progress has been made in assessing the stability properties of 
the AMOC with respect to varying surface freshwater forcing36,37, which 
in isolation requires unrealistically large freshwater inputs to collapse 
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the AMOC collapses under RCP4.5 and RCP8.5. Note that this does not 
guarantee that the AMOC will remain in a collapsed state beyond 2500 
under these fixed climate change conditions13–15,29. Consequently, it 
remains unclear whether the AMOC crosses a saddle-node bifurcation 
under radiative forcing increase, while strong evidence points to this 
being the case under increasing FH (ref. 7) (Fig. 1a). Hence, we avoid the 
term ‘tipping point’ and instead refer to transitions to a persistently 
weak alternative state as ‘AMOC collapse’. We determine the timing of 
the collapse onset using modern AMOC theory (Methods; 
Extended Data Table 1). Even if the AMOC would eventually recover 
under fixed climate change conditions, the AMOC-induced impacts 
are considerable over the 300-year period (model years 2,200–2,500) 
with very weak AMOC strengths51,54.

For RCP4.5 (RCP8.5), the collapse onset occurs around model year 
2,110 (2,060), when the global mean near-surface temperature (GMST) 
anomaly is +2.19 °C (+2.78 °C) compared with the historical period of 
1850–189934. The GMST anomaly difference of 0.59 °C between RCP4.5 
and RCP8.5 highlights a dependence on the radiative forcing agent (for 
example, CO2, methane and aerosols) pathways that are relevant for 
AMOC responses55,56, which was previously demonstrated for a 
low-resolution version of the CESM12. Note that AMOC tipping under 
radiative forcing is also dependent on the background FH , as the AMOC 
recovers under RCP4.5 and FH = 0.18 Sv (ref. 34); this simulation will 
also be analysed below.

To further test the sensitivity of estimated warming thresholds 
for an AMOC collapse onset, we performed three different CO2 ramp 
simulations (again at fixed FH = 0.45 Sv), where the CO2 concentration 
increases from the PI level of 284.7 ppm (= 1 × PI CO2) at a certain rate. 
We choose a linear increase instead of the more common approach 
using exponential growth rates (for example, ref. 12). This avoids very 
high CO2 levels (22 × PI CO2) and large CO2 growth rates (>100 ppm yr−1) 
in our multicentennial simulations. Starting from the end of PIon45, we 
linearly increased the CO2 concentration up to 4.07 × PI CO2 (Fig. 1c,d) 
with rates of +0.5 ppm yr−1 (black curve, 1,750 model years), 
+2.5 ppm yr−1 (blue curve, 350 model years) and +5.0 ppm yr−1 (red 
curve, 175 model years). For reference, the current CO2 rate of increase 
at the Mauna Loa Observatory is +2.6 ppm yr−1 (2015–2025 average).

The AMOC collapses for both the +2.5 ppm yr−1 and +5.0 ppm yr−1 
cases with an associated GMST anomaly of +2.02 °C and +1.99 °C com-
pared with PIon45, respectively (Extended Data Table 1). By contrast, in 
the slow ramp of +0.5 ppm yr−1, the AMOC remains stable far above this 
apparent +2 °C threshold, reaching +5.5 °C over the last 50 model years. 
This is an important indication that AMOC tipping under global warm-
ing can depend solely on the forcing rate, for which the trajectories fail 
to track a stable equilibrium under fast radiative forcing changes. This 
is corroborated by the radiative imbalance at the top of atmosphere 
(TOA; Fig. 1d, inset), where TOA remains stable at +0.5 W m−2 for the 
slow ramp, meaning that the climate system can reasonably track the 
shifting equilibrium under global warming. For the faster ramps, the 
TOA imbalance increases throughout the simulations, indicative of a 
climate system that is departing further from equilibrium. Note that 
the warming level up to 2 × PI CO2 (Fig. 1c, inset), for which all cases still 
exhibit a relatively strong AMOC, is larger for slower rates owing to the 
fact that the climate system has more time to warm, allowing slow 
amplifying climate feedbacks (for example, sea-ice melt) to contribute. 
The warming rates (up to 2 × PI CO2) are of course faster in +5.0 ppm yr−1 
(+2.95 °C per century) than in +0.5 ppm yr−1 (+0.39 °C per century).

Density changes under slow warming
In the following, we examine the slow CO2 ramp simulation 
(+0.5 ppm yr−1) in greater detail to understand why the AMOC remains 
stable under extreme global warming. For convenience, we mostly 
report the slow CO2 ramp in model years rather than in units of PI CO2.

The AMOC in depth coordinates and meridional heat transport 
for model years 1–50 (≈ 1 × PI CO2) and 1701–1750 (≈ 4 × PI CO2) are 

the present-day AMOC7. However, the present-day AMOC is exposed to 
substantial changes in radiative forcing, impacting both freshwater and 
heat forcings. This anthropogenic forcing is expected to substantially 
weaken the AMOC38–40 and possibly trigger a collapse29,35,41. Nonethe-
less, the interacting effects of changing heat and freshwater fluxes 
under global warming remain insufficiently understood.

Motivated by these issues with a global warming threshold for 
an AMOC collapse, we here investigate the radiative forcing path 
dependence of AMOC tipping in the Community Earth System Model 
(CESM, version 1.0.5) and several models participating in the Coupled 
Model Intercomparison Project (CMIP) phase 6. Starting from a recent 
quasi-equilibrium freshwater flux simulation with the CESM, in which 
an AMOC collapse has been found33, we extend earlier work on rate 
dependence in more detail10,17 and beyond AMOC weakening11,12. We 
demonstrate that sufficiently fast forcing can cause an AMOC col-
lapse without crossing a tipping threshold in CO2 or warming levels, 
questioning the suitability of global warming thresholds for assessing 
AMOC tipping risk.

Stable AMOC under extreme climate change
We will present an in-depth analysis of a slow CO2 ramp simulation 
(+0.5 ppm yr−1) with the CESM, together with a comparison using faster 
CO2 ramps (+2.5 ppm yr−1 and +5.0 ppm yr−1) and also different Repre-
sentative Concentration Pathway (RCP) scenarios; the results for the 
RCP scenarios were already presented previously34. All climate model 
simulations are initialized from a quasi-equilibrium hosing simula-
tion performed under constant pre-industrial (PI) radiative forcing 
conditions33,42. This PI hosing simulation reveals a bistable AMOC 
regime, consistent with evidence suggesting that the present-day 
AMOC resides in such a regime37.

In the quasi-equilibrium PI hosing simulation (Fig. 1a), an addi-
tional freshwater flux (FH) was gradually applied over the North Atlantic 
Ocean (20° N–50° N) and this forcing was compensated elsewhere (at 
the ocean surface) to conserve ocean salinity. Qualitatively comparable 
responses are found under small variations in hosing location25,32,43 and 
in the applied compensation protocol44–46, but both choices do influ-
ence quantitative thresholds. For this CESM version and protocol, a 
tipping point (that is, a saddle-node bifurcation) is located at FH ≈ 0.5 Sv 
(ref. 7). The existence of a tipping point in freshwater forcing is consist-
ent with results across a hierarchy of climate models5,24,47,48. Note that 
the AMOC tipping threshold is found at large FH values, about 65 times 
the present-day melt rate of the Greenland Ice Sheet33, which is related 
to persistent climate model biases45,49,50. The real AMOC is probably 
closer to a tipping point7,37, and an imposed background hosing should 
be regarded as a bias correction for AMOC stability.

Statistical equilibria (that is, attracting steady states with 
time-invariant statistics) were obtained at multiple hosing strengths 
by branching off at selected values of FH and integrating for 500 years 
at fixed FH = FH  (refs. 7,30). The steady states have a radiative imbal-
ance close to zero, meaning that any remaining model drift is smaller 
than internal climate variability51, and are also shown in Fig. 1a for 
FH = 0.18 Sv and FH = 0.45 Sv. In the following, we will use the PI steady 
state with a strong AMOC at FH = 0.45 Sv as a reference, which we refer 
to as PIon45 (last 50 model years). This reference state lies in the destabiliz-
ing regime of the salt-advection feedback and is hence more prone to 
AMOC transitions than at FH = 0.18 Sv (ref. 7). While reducing fresh-
water biases, this choice also implies a weaker AMOC strength (~13 Sv) 
than in observations (~17 Sv)52,53.

Different radiative forcing simulations were branched from the 
end of PIon45, keeping FH  fixed. The historical forcing (1850–2005) was 
followed by three RCP (2006–2100) simulations. These RCP scenarios 
were subsequently continued to model year 2,500 under their fixed 
greenhouse gas and aerosol concentrations of the year 2100 (Fig. 1b). 
This was done to determine statistical equilibria reached after different 
climate change scenarios34. The AMOC recovers under RCP2.6, while 
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shown in Extended Data Fig. 1a,b, respectively. The overall overturn-
ing structures and meridional heat transports do not change much, 
although the depth of the northward overturning cell becomes smaller 
from about 2,800 m depth (model years 1–50) to about 2,400 m depth 
(model years 1,701–1,750). The AMOC in density coordinates shifts to 
lighter water classes between the two periods (Extended Data Fig. 1c,d), 
with the section-averaged depth levels of 20 m, 500 m and 3,000 m 
getting lighter by about 0.90 kg m−3, 0.65 kg m−3 and 0.25 kg m−3, 
respectively. The relatively light water masses near the surface are 
becoming lighter more rapidly than the relatively heavy water masses 
at depth, which is related to the greater warming closer to the surface 
(Extended Data Fig. 1e). The salinity increases over most parts of the 
Atlantic Ocean (Extended Data Fig. 1f), which makes water masses 
more dense and, hence, partially compensates the warming-induced 
response of the density.

Water mass transformation (WMT; Methods) primarily takes place 
over the isopycnal outcropping region (here defined as 40° N–65° N) 
in the North Atlantic Ocean, which is crucial for sustaining an adiabatic 
AMOC57,58. Under the assumptions of thermal wind balance27 and that 
WMT mainly takes place near the surface, the adiabatic AMOC can be 
reconstructed from surface buoyancy fluxes59–62. Indeed, the AMOC at 
40° N in density coordinates (Ψσ) and the surface-forced AMOC 
between 40° N and 65° N (Ψsurf = ΨWMT(40° N)−ΨWMT(65° N)) closely 
resemble each other (Fig. 2a, red and black curves, respectively).  

The surface-forced AMOC is mainly driven by oceanic heat loss to the 
atmosphere, whereas freshwater fluxes have a limited contribution 
(Fig. 2a, yellow and blue curves), consistent with observations63. 
Surface-induced WMT rates that contribute to the water supply of the 
North Atlantic Deep Water (NADW) are found for density classes of 
σ2 ≥ σmax2  (ref. 34): Ψsurf(σmax2 ) − Ψsurf(σ∞2 ). Here, σmax2  is the density level 
of the maximum AMOC strength at 40° N (Fig. 2a, dashed red line) and 
Ψsurf(σ∞2 ) = 0. Hence, the reconstructed AMOC strength from surface 
buoyancy fluxes is then defined as ΨNADW(t) = Ψsurf(σmax2 (t)), which can 
also be decomposed into a thermal (ΨT

NADW) and haline (Ψ S
NADW) contri-

bution. Note that ΨNADW approximates the actual AMOC strength 
(Fig. 2d), because ΨNADW does not consider subsurface mixing and 
volume tendencies64. WMT contributions outside the 40° N–65° N 
latitude band are relatively small34.

The quantity ΨNADW is useful as near-zero values indicate that an 
adiabatic AMOC cannot be sustained34. The ΨNADW remains relatively 
large throughout the slow CO2 ramp (Fig. 2b), which is expected given 
that the AMOC tracks the shifting equilibrium under global warming. 
To understand this ΨNADW response, we first analyse the σmax2  (Fig. 2b, 
inset), which is shifting to lighter density classes. To keep the adiabatic 
pathways open, the surface density in the sinking region (40° N–65° N) 
needs to change at a comparable rate as σmax2 , which is indeed the case 
(Fig. 3a). The retreating sea-ice cover further activates additional sink-
ing regions over the first 800 model years (Fig. 3a, inset), which will be 
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Fig. 1 | Climate model simulations with the CESM. a, The AMOC strength  
(at 26° N and 1,000 m depth) for the quasi-equilibrium PI hosing simulation, 
including four steady states (error bars indicate the mean value, including 
minimum and maximum values of last 50 model years). b, The AMOC strength for 
the historical and three extended RCP scenarios and FH = 0.45 Sv. Inset: the GMST 
anomaly compared with the historical period 1850–1899. c,d, The AMOC strength 

for the different CO2 ramps and FH = 0.45 Sv against CO2 concentration (c) and 
against GMST anomaly (d) (compared with PIon45), including the corresponding 
GMST values of AMOC collapse onset (Extended Data Table 1). Insets: the GMST 
anomaly (c) and the TOA radiative imbalance (d), with horizontal axes in units of  
PI CO2 concentration. In all panels, the thin curves are yearly averages, whereas the 
thick curves are smoothed versions (25-year moving averages).
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discussed in more detail below. This coherent surface and interior 
response is found for the RCP2.6 simulation (Fig. 3b). However, for the 
faster CO2 ramps, as well as RCP4.5 and RCP8.5 simulations (Fig. 3c–f), 
the surface sinking region is getting lighter faster than σmax2 , and this 
closes the adiabatic pathways. For these AMOC collapse cases, 
near-zero values of ΨNADW (Fig. 3g,h) happen when the AMOC strength 
is strongly reduced (⪅5 Sv). This demonstrates that rate-dependent 
effects are important not only for AMOC weakening12 but also for AMOC 
collapse scenarios.

The ΨNADW remains sufficiently large and even increases during the 
slow CO2 ramp simulation. It would, by construction, remain unchanged 
under a uniform shift in the ocean’s potential density, meaning that 
ΨNADW variations are then linked to surface buoyancy fluxes changes 
(Bflux; Fig. 2c). In the slow CO2 ramp, the quantities ΨNADW and Bflux are 
closely related (R2 = 0.896), but note that a part of Bflux does not supply 
water to the adiabatic AMOC pathways. Both surface heat fluxes (BTflux) 
and surface freshwater fluxes (BSflux) decline over time, resulting in 
larger ΨT

NADW and ΨS
NADW, respectively (Fig. 2d). The initial AMOC weak-

ening during the first 300 model years is attributed to changing heat 
fluxes, whereas freshwater fluxes have the opposite response.

The Bflux framework also allows identifying stabilizing and desta-
bilizing factors. For the surface heat fluxes in the slow CO2 ramp 
(Extended Data Fig. 2a), the dominant contributions come from more 
outgoing longwave radiation (stabilizing) due to higher sea surface 
temperatures, more latent heat release (stabilizing) due to enhanced 
evaporation rates, and more shortwave absorption (destabilizing) 

due to a lower albedo. The North Atlantic sea-ice extent retreats 
northwards under higher temperatures (Extended Data Fig. 2b, inset) 
and this limits sea-ice insulation effects that tend to destabilize the 
AMOC30,65. Another stabilizing sea-ice effect is the reduced melting 
contribution to the surface freshwater flux (Extended Data Fig. 2b), 
with the sea-ice contribution also being rate dependent12,66. This 
sea ice forms around Greenland and by advection ends up in the 
40° N–65° N latitude band, where it melts during boreal spring27. 
Enhanced evaporation (stabilizing) and precipitation (destabiliz-
ing) also have a substantial contribution, but their opposing effects 
compensate to about zero. The remaining Bflux components have a 
relatively small contribution.

Almost all Bflux components have the opposite response in the 
faster CO2 ramps (Extended Data Fig. 2c–f) compared with the slow 
CO2 ramp; the faster CO2 ramp responses are very similar to those 
under RCP4.5 and RCP8.5 (for the RCPs, see refs. 34,67 or online mate-
rial). Recent work suggests that a sign change in Bflux (from negative to 
positive) can be used to indicate the onset of the AMOC collapse34,68, 
which is indeed the case for the faster CO2 ramps, RCP4.5 and RCP8.5 
(Extended Data Fig. 2g,h). By contrast, a more negative Bflux indicates a 
relatively stable AMOC in the slow CO2 ramp and RCP2.6 simulations. 
Like the evolution of Bflux, the buoyancy transfer10 from the surface to 
the deep ocean is also strongly timescale dependent, as captured by the 
bulk buoyancy frequency, which measures the degree of stratification 
in the given depth range (Extended Data Fig. 4). In the faster CO2 ramps, 
the stratification in the upper 1,000 m increases much more strongly 
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in absolute values and relative to the deep ocean (which also becomes 
more stratified), compared with the slow CO2 ramp.

In the slow CO2 ramp, the AMOC strength undergoes a relatively 
rapid increase by about 3 Sv around model year 800 (Fig. 1c), which is 
related to the retreating sea-ice extent over the North Atlantic Ocean. 
Upon initialization from PIon45, the sea ice extends relatively far south 
(Extended Data Fig. 3a), owing to a weak AMOC strength of about 13 Sv 
under the background hosing of FH = 0.45 Sv. Sea ice limits ocean–
atmosphere exchange and deep convection65; hence, the mixed layer 
depth is relatively shallow (<100 m) where sea ice is present. Impor-
tantly, there is initially no deep convection over the Labrador Sea due 
to the extensive sea-ice extent. When sea ice retreats poleward under 
higher temperatures, the Labrador Sea becomes less sea-ice covered, 
and this allows for a deeper mixed layer (Extended Data Fig. 3b–d). 
Vertical mixing brings relatively warm subsurface water masses to the 
surface, strongly contributing to the retreating sea-ice extent over the 
Labrador Sea, and giving rise to nonlinear responses under the linear 
CO2 ramp. Labrador Sea deep convection starts from model year 770 
and onwards, followed by the 3-Sv increase in AMOC strength around 
model year 800. The role of deep convection in WMT rates is quite 
complex69, and this convection certainly plays an important role in 

modulating AMOC strength and collapsing the AMOC35. Hence, we 
expect that the 3-Sv increase can only be found when additional deep 
convection sites are activated as a result of retreating sea ice.

In summary, the analysis of the CO2 ramp simulations and compari-
son with the RCP scenarios (Fig. 3) show that the ocean response to radi-
ative forcing changes depends qualitatively on the forcing rate. In the 
slow CO2 ramp, in which the atmopsheric warming rate is (much) smaller 
than in the faster CO2 ramps, RCP4.5 and RCP8.5, the AMOC remains 
stable up to +5.5 °C warming. In fact, from the ΨNADW and Bflux analysis, 
we conclude that the AMOC is getting more stable in warmer climates.

Freshwater budget under climate change
Ultimately, an AMOC collapse is caused by net freshwater accumula-
tion over the northern North Atlantic and is driven by the destabilizing 
salt-advection feedback24–26. This feedback can be activated by noise, 
freshwater perturbations or transient climate change29,31,33,35. There 
is also a heat-advection feedback that tends to stabilize the AMOC27, 
but its effect is smaller than that of freshwater accumulation when 
expressed in terms of ocean buoyancy34 (Extended Data Fig. 4a,c,e). 
Hence, we focus on the freshwater convergence between 40° N and 
65° N (Fig. 4; Methods).
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For the slow CO2 ramp, the total freshwater convergence ΔFtot 
remains fairly constant over the first 800 model years and thereafter 
slightly increases (Fig. 4a). The total convergence is decomposed into 
its contributing factors, indicating that the overturning convergence 
is declining (ΔFov, that is, salinifying) while being balanced by the azonal 
(gyre) convergence (ΔFaz, that is, freshening). The declining ΔFov values 
are consistent with the relatively large salinity increase south of 40° N 
(Extended Data Fig. 1f), such that the AMOC imports net salinity into 
the 40° N–65° N latitude band. However, these responses of ΔFov and 
ΔFaz cannot explain the lower freshwater content (W , that is, salinifying; 
Fig. 4b) when considering the constant ΔFtot over the first 800 model 
years. These declining values of W  are primarily driven by a smaller 
freshwater input through the surface (Fsurf), which was extensively 
discussed above (Extended Data Fig. 2).

The freshwater budget over 40° N–65° N evolves completely dif-
ferently for the faster CO2 ramps (Fig. 4c–f). The ΔFov is strongly increas-
ing and, together with net freshwater accumulation over the upper 
1,000 m, is indicative of the dominant and destabilizing salt-advection 

feedback that causes the AMOC to collapse. Similar to the slow CO2 
ramp, ΔFaz has the opposite response to ΔFov, but now ΔFaz is removing 
the freshwater anomalies from the latitude band. The salt-advection 
feedback is triggered once the AMOC becomes sufficiently weak, with 
the initial AMOC weakening driven by an increase in the thermal com-
ponent BTflux ,  while BSflux  exhibits the opposite response 
(Extended Data Fig. 2g). In other words, the surface freshwater fluxes 
do not generate a convergence of freshwater anomalies, as reflected 
by the slight decline in Fsurf before the strong increase in ΔFov. The 
freshwater accumulation over the upper 1,000 m (W1000↑) in the faster 
CO2 ramps has the opposite sign when comparing with the slow CO2 
ramp (Fig. 4g). This dichotomy is also evident among the RCP scenarios 
(Fig. 4h). Lower values of W1000↑ are therefore indicative of increased 
AMOC stability70, but should be considered with care as they can be 
compensated by temperature responses (Extended Data Fig. 4a).

Increasing values of ΨNADW, together with decreasing values of Bflux 
and W1000↑, suggest that the AMOC becomes more stable during the 
slow CO2 ramp. The strength of the salt-advection feedback, which 
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relates to AMOC instability, is quantified by the AMOC-induced fresh-
water transport at 34° S, that is, FovS. The use of FovS as a stability indica-
tor is derived from the entire Atlantic freshwater budget (34° S to 65° N) 
and is appropriate only under (quasi-)equilibrium conditions25,27,71. This 
assumption certainly does not apply for the faster CO2 ramps (Fig. 1d, 
inset) nor the RCP4.5 and RCP8.5 scenarios34. The global warming rate 
in the slow CO2 ramp is on average 0.03 °C per decade, about a factor 
of 10 slower compared with that in the CO2 ramp of +5.0 ppm yr−1, the 
RCP8.5 scenario over the twenty-first century, and the currently 
observed warming rate72,73.

To further explore whether AMOC stability increases in the slow 
CO2 ramp simulation, the Atlantic freshwater budget is shown in Fig. 5a. 
The Atlantic freshwater content is decreasing (that is, salinifying) in 
warmer climates, which is driven by the surface freshwater fluxes and 
is partially being opposed by the horizontal freshwater convergence.

We first analyse the surface-driven contribution, as the conven-
tional thought is that global warming increases precipitation minus 
evaporation (P − E) over the North Atlantic. While precipitation 
increases over most of the ocean, indicative of an enhanced hydro-
logical cycle, evaporation likewise increases over all ocean surfaces 
(Extended Data Fig. 5a–e). Over the Atlantic basin, this leads to a net 
negative P − E anomaly, with a portion of these freshwater anoma-
lies is transferred via atmospheric bridges to other basins. Note that 
there is also a considerable sea-ice contribution at the higher latitudes 
(Extended Data Fig. 5f). The total surface freshwater flux response is 

opposite compared with that of the PI hosing simulation33, meaning 
that the (slow) climate change forcing is effectively a reversed hosing 
experiment (in terms of freshwater forcing).

Next, we analyse the Atlantic freshwater convergence, which is 
again decomposed into its dominant contributing factors (Fig. 5b). 
While ΔFaz is mostly contributing before model year 800, ΔFov thereafter 
also contributes. The increase in ΔFaz is primarily caused by a declining 
gyre freshwater transport at 65° N over the first 800 model years, after 
which ΔFaz stabilizes (Extended Data Fig. 6b). This response appears to 
be related to the retreating North Atlantic sea-ice extent. The fresh-
water transport by the overturning component at 34° S, FovS, starts to 
contribute after model year 800 (Extended Data Fig. 6a), which is also 
reflected by the salinity responses at 34° S (Fig. 5c,d).

The salinifying NADW means that the AMOC is exporting salinity 
anomalies out of the basin, resulting in a larger FovS and indicative of 
increased AMOC stability. These salinity anomalies are formed in the 
northern North Atlantic Ocean (Fig. 4b) and a major pathway for these 
anomalies to leave the Atlantic basin is via the deep western boundary 
current (DWBC). The salinity over the DWBC at 34° S increases mono-
tonically (Extended Data Fig. 6c,d), but note that the salinity across the 
entire zonal extent takes longer to adjust, explaining why these salinity 
anomalies become more pronounced after model year 700 (Fig. 5d). 
The resulting effect is that FovS is increasing (Extended Data Fig. 6e), 
meaning that the salt-advection feedback becomes weaker27. Increased 
FovS variance is also indicative of a stronger salt-advection feedback 
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and, hence, a less stable AMOC33,74. In the slow CO2 ramp, the FovS vari-
ance declines (Extended Data Fig. 6f), which also suggests increased 
AMOC stability.

The salinifying NADW is therefore an important fingerprint for 
increased AMOC stability, which is being explored in CESM under 
the RCPs and GISS-E2-1-G under the SSPs (that do not exhibit AMOC 
collapses; Extended Data Fig. 7). The DWBC is indeed salinifying in all 
climate change scenarios. However, the salinifying NADW is found only 
under the higher-emission scenario, which is related to adjustment 
timescales and/or the GMST anomaly. For the latter, a higher GMST 
anomaly results in a saltier NADW and DWBC, which was explicitly 
demonstrated for the slow CO2 ramp.

We also test whether a salinification of the NADW occurs in 
the remaining CMIP6 models under the extended SSP1-2.6. Most 
CMIP6 models show an increase in the DWBC salinities, but again the 
NADW responses are less pronounced (Extended Data Fig. 8). The 
IPSL-CM6A-LR is the only model where the DWBC and NADW become 
fresher by 2300. Most CMIP6 models align qualitatively with our CESM 
results, suggesting increased stability of the strong AMOC steady state 
under warmer climates. Note that the near-surface freshening at 34° S 
(Fig. 5d) is also contributing to increasing FovS values in the slow CO2 
ramp (Extended Data Fig. 6e), but there is a large intermodel spread, 
probably related to differences in ocean–atmosphere interactions, 
Agulhas leakage and model resolution used49,75.

Sufficiently slow climate change allows coherent oceanic adjust-
ment (Fig. 3), thereby preventing an AMOC collapse in the first place. 
In addition, changes in the Atlantic freshwater budget reveal that the 
AMOC becomes more stable in warmer climates. Importantly, this 
AMOC stabilizing mechanism adjusts over centennial timescales, 
which is set by the propagation of NADW salinity anomalies out of 
the Atlantic Ocean. The different timescales on which climate change 
induces AMOC weakening (years to decades) and AMOC stabilization 
(centuries) explain why the AMOC may collapse under climate change. 
Consequently, we conclude that the AMOC collapse observed under 
faster CO2 ramps and higher RCP scenarios is rate-induced: it occurs 
because the warming rate exceeds a critical threshold, without the 
global warming level crossing a critical threshold.

Dynamical perspective
It remains unclear whether the AMOC could cross an equilibrium bifur-
cation under anthropogenic climate change. Addressing this question 
requires additional quasi-equilibrium simulations in the forcing space 
of imposed freshwater fluxes and radiative forcing. Moreover, the AMOC 
response depends on the background climate state, for example on FH  
(ref. 34), and sensitivity experiments with models like the CESM require 
substantial computational resources. Therefore, we here use a five-box 
ocean model of the Atlantic basin (Extended Data Fig. 9a; Methods) to 
conceptualize the forcing path dependence of AMOC tipping.
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bifurcation of the stable AMOC on state for increasing ΔTan divides the effective 
forcing space into two qualitative regimes (tracking/failing to track the AMOC on 
state). d, The critical temperature trend of Tan without collapsing the AMOC for 
varying EA  and temperature–freshwater coupling strength γ, the lowest explored 
trend is 1 × 10−5 °C per year. In the grey region, tracking the AMOC-on state fails 
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The box model has been shown to capture the essential AMOC 
dynamics of the CESM7. In our context, the two main forcing parameters 
are the freshwater flux forcing (EA) and the atmospheric temperature 
anomaly over the subpolar Atlantic box (ΔTan). The effects of global 
warming are incorporated by increasing ΔTan to lower the meridional 
atmospheric temperature gradient between the lower and higher lati-
tudes, mimicking polar amplification7. For each ΔTan increment of 
0.1 °C, we calculate the steady states and bifurcations of the box model 
using continuation techniques, with EA as the bifurcation parameter. 
The model features a bistable AMOC regime bounded by saddle-node 
bifurcations, which can be crossed in both forcing directions (EA and 
ΔTan). The saddle-node bifurcation shifts in freshwater forcing  
space from EA = 0.486 Sv for ΔTan = 0∘ to EA = 0.342 Sv for ΔTan = +5∘ 
(Extended Data Fig. 9b).

First, consider cases with fixed EA > 0.342 Sv. The AMOC always 
collapses under an imposed warming anomaly of ΔTan = +5∘ or more, 
since the ‘AMOC on’ state disappears. Thus, a critical warming threshold 
exists beyond which the system transitions to the only remaining stable 
solution (the collapsed ‘AMOC off’ state), regardless of the rate of 
increase at which the warming anomaly is reached. This is a case of 
bifurcation-induced tipping (B-tipping). An example is given for a fixed 
freshwater flux forcing (EA ) of 0.40 Sv, forced under a linear tempera-
ture trend of ΔTan = +0.01∘ per year up to +5 °C (Fig. 6a, red curve).

This situation is qualitatively inconsistent with the slow CO2 ramp 
in CESM, where the ‘AMOC on’ state remains stable up to at least +5.5 °C. 
However, the box model so far neglects the interdependence between 
surface heat and freshwater fluxes under radiative forcing change. To 
account for this in an idealized manner, we consider an effective fresh-
water flux forcing EA that depends on the ocean state, specifically the 
temperature anomaly ΔTn of the subpolar box: EA = EA − γΔTn. Here, 
EA  is the fixed freshwater flux forcing, γ is the temperature–freshwater 
coupling strength, and ΔTn = Tn(t) − Tn(EA,ΔTan = 0). This tempera-
ture–freshwater coupling is motivated by the declining North Atlantic 
surface freshwater input in the slow CO2 ramp simulation (Figs. 4a and 
5a) where, for reference, the freshwater flux over 34° S–65° N declines 
by 0.069 Sv per degree warming (giving γ ≈ 0.069 Sv per degree Celsius).

We repeat the warming experiment (linear ramp up to ΔTan = 5∘C 
at fixed EA = 0.40Sv) but now with γ > 0, comparing relatively slow 
(+0.01 °C yr−1) and relatively fast (+0.05 °C yr−1) warming rates. For  
γ = 0.0325 Sv per degree Celsius, the system continues to track the 
‘AMOC on’ state under the slow warming case (Fig. 6a, black curve). 
The equilibrated subpolar ocean warming ΔTn is 3.04 °C, resulting in 
an effective hosing strength of 0.30 Sv, which is indeed below the 
bifurcation threshold of 0.342 Sv for ΔTan = +5∘C. However, in the fast 
warming case, the AMOC collapses as the system fails to track the 
‘AMOC on’ state after crossing the moving saddle-node bifurcation 
(Fig. 6a, blue curve). Because the ‘AMOC on’ state remains stable for γ 
= 0.0325 Sv per degree Celsius (Extended Data Fig. 9c,d) and can be 
tracked in the slow warming case, the fast warming case represents a 
rate-induced AMOC tipping event.

To visualize the cases described above, we plot their effective 
forcing paths in a diagram of the warming anomaly against the effec-
tive freshwater flux forcing (Fig. 6c). For γ > 0, trajectories initially 
move towards lower effective freshwater flux forcing, and whether 
the saddle-node bifurcation is crossed depends on the forcing rate. 
Tracking the stable ‘AMOC on’ state hence depends on the ratios 
of atmospheric warming rate (forcing timescale) and ocean warm-
ing rate (adjustment timescale), as well as the interaction strength 
between thermal and freshwater effects. Due to the state-dependent 
surface forcing resulting from ocean–atmosphere coupling, the 
rate-dependent tipping scenario shown here is more complex than 
the classical setting of rate-induced tipping in which the control param-
eters are purely external18,19.

The box model is a strong simplification of the CESM dynamics 
and only mimicks one of the rate-dependent mechanisms identified 

in the CESM, namely the reduced freshwater flux through the Atlantic 
Ocean surface under gradual warming. Nonetheless, this process is 
sufficient to produce rate-dependent AMOC tipping in the box model, 
and the freshwater content in the subpolar box shows a qualitatively 
similar response to the freshwater content analysis in the CESM 
(Figs. 4g and 6b). The maximal temperature trend that does not cause 
an AMOC collapse (that is, the critical warming rate), is shown in Fig. 6d 
as a function of EA  and γ. For sufficiently large temperature–freshwater 
coupling strengths, the system can always track the stable ‘AMOC on’ 
state as long as it exists and the imposed forcing rate is slow enough. 
These results are qualitatively robust for even larger temperature 
anomalies of up to +10 °C (Extended Data Fig. 9e), demonstrating that, 
even for extreme warming, forcing pathways may exist for which the 
AMOC does not collapse.

Discussion
In this study, we argue that an AMOC collapse is dependent on the 
radiative forcing path (that is, climate change scenario) and not gov-
erned by a specific global warming threshold. To demonstrate this, we 
presented an analysis of CO2 ramp simulations using the CESM, where 
the CO2 concentration was increased up to four times the PI levels at dif-
ferent rates. In the slow CO2 ramp (+0.5 ppm yr−1) simulation, the GMST 
anomaly reaches +5.5 °C and the AMOC remains stable throughout, 
while for the faster CO2 ramps (+2.5 ppm yr−1 and +5.0 ppm yr−1) the 
AMOC starts to collapse at +2.0 °C. This GMST anomaly is much lower 
than the maximum warming in the slow CO2 ramp, showing that an 
AMOC collapse is determined by the radiative forcing path and specifi-
cally the forcing rate. Comparable results are found under the standard 
climate change scenarios of RCP2.6 (stable AMOC) and RCP4.5 and 
RCP8.5 (collapsing AMOC), where we note that these RCPs have differ-
ent forcing agent (CO2, methane and aerosols) pathways that all affect 
the AMOC12,55,56. Our result corroborates early work using idealized 
climate models10, while now being demonstrated with a much more 
comprehensive climate model.

Present-day and projected warming simulations using CMIP6 
models show substantial AMOC weakening38–40,76,77 and possibly an 
AMOC collapse29,35. For the CESM under relatively rapid radiative forc-
ing changes (≥+2.5 ppm yr−1 of CO2 and FH = 0.45 Sv), the near-surface 
water is getting lighter much faster than the interior of the Atlantic 
Ocean, resulting in a shutdown of the adiabatic pathways followed by 
an AMOC collapse. When the imposed radiative forcing is sufficiently 
slow, both the interior and surface waters adjust their densities accord-
ingly such that they support a relatively strong adiabatic AMOC. With 
an idealized AMOC model subjected to heat and freshwater forcing, 
we illustrated how the interplay between the changing forcing and the 
changing climate state can alter the system’s stability landscape in a 
way that leads to rate-dependent AMOC tipping.

In the slow CO2 ramp, the relatively small temperature-induced 
AMOC weakening is outweighed by two dominant effects. First, higher 
evaporation rates make the evaporative characteristic of the Atlantic 
basin more pronounced, which effectively results in a negative freshwater 
flux forcing. Second, the North Atlantic sea-ice extent is reduced in a 
warmer climate, which limits the sea-ice insulation effects that influence 
the AMOC30,65 and also lowers the freshwater input by sea-ice melt, con-
tributing to less freshwater input over the higher latitudes. Both net evap-
oration and reduced sea-ice extent contribute to a salinifying Atlantic 
Ocean and, after WMT, the AMOC starts to export these salinity anomalies 
out of the Atlantic basin at greater depth (1,000–3,500 m). This response 
at depth is indicative of a more stable AMOC (that is, larger FovS values), 
and a similar response is found in most CMIP6 models under extended 
SSP scenarios with a sustained AMOC. The freshwater budget analysis 
and related FovS stability indicator are only meaningful sufficiently close 
to equilibrium25,27 and are not useful under rapid climate change34.

The stabilizing mechanism identified here may also explain the 
strong AMOC states found in warmer climates12,13,16,29. Some models, 
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such as the CESM version used here, are in a monostable regime under 
PI conditions without background hosing42, and this is related to per-
sistent climate model biases45,49,50, which could also be the case under 
different radiative forcing conditions.

There are now first indications that the AMOC can collapse under 
anthropogenic climate change in the latest generation of climate 
models29,35. This implies that the stabilizing mechanism in warmer 
climates, as described above, operates on timescales slower than the 
current rate of radiative forcing. Hence, it may still be useful to explore 
warming levels for an AMOC collapse onset on relatively short time-
scales (years to decades), but this becomes less useful if warming rates 
slow down (as projected beyond the twenty-first century) and should 
be complemented with threshold estimates for other relevant state 
variables and forcing parameters. Based on our results, we propose 
to convert the AMOC tipping warming threshold to a warming rate 
threshold. Yet, this also poses challenges as the critical warming rate 
is dependent on the background climate state and the strength of the 
stabilizing mechanism. Due to slow climate processes and nonlinear 
forcing, the exact forcing pathway and its history matter. Therefore, 
it is more useful to analyse physics-based indicators, such as ΨNADW 
and Bflux, that capture the effects of changing forcing conditions (both 
stabilizing and destabilizing). In particular, a Bflux sign change is marking 
the onset of an AMOC collapse also under transient climate change34.

According to the Bflux indicator, as determined in CMIP6 models, 
the AMOC starts to collapse around +2.5 °C warming at projected 
warming rates, which could be reached around the year 206034. This 
is substantially lower than the previous estimate of +4 °C warming2 
that lacks a time horizon. Observations show a present-day warming 
close to the +1.5 °C level (2023–2025, C3S/ECMWF and ref. 73), and, if 
the AMOC were to begin collapsing at +2.5 °C warming in 2060, this 
would imply a critical warming rate of +0.29 °C per decade. This rate 
aligns with projected warming rates of +0.27 to +0.36 °C per decade72 
and, also considering the effects of random variability29,78, strongly 
suggests that rate-dependent effects are highly relevant for the fate of 
the AMOC. It is therefore critically important to reduce greenhouse gas 
emissions as quickly as possible to limit the risk of an AMOC collapse.
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Methods
Climate Model Simulations
The CESM is a fully coupled climate model and the simulations here 
have a 1° horizontal resolution for the ocean/sea-ice components and 
a 2° horizontal resolution for the atmosphere/land components. The 
ocean component is the Parallel Ocean Program version 2 (POP2)79, the 
atmospheric component is the Community Atmosphere Model version 4 
(CAM4)80 and the sea-ice component is the Community Ice Code version 
4 (CICE4)81. The CESM is either forced under varying freshwater flux forc-
ing and fixed PI radiative forcing conditions or under fixed freshwater flux 
forcing and varying radiative forcing conditions. For more details on the 
precise CESM set-up, we refer to previous work30,33,34,42 and the main text.

In addition to the CESM, model output from CMIP phase 6 (indi-
cated here as CMIP6 models) were analysed. We retained the histori-
cal forcing (1850–2014) followed by the extended SSP1-2.6 scenario  
(2015–2300). Only for the GISS-E2-1-G model were the scenarios 
extended to 2500 and are also available for the extended SSP2-4.5 
scenario. Note that the forcing scenarios are slightly different between 
the CESM simulations (the RCPs) and CMIP6 (the SSPs).

Water mass transformation
We use the same procedure as described in ref. 34, which is briefly repeated 
here for completeness. We consider the volume (Vσ) conservation of a fixed 
horizontal domain that is bounded by the ocean surface and isopycnal64:

∂Vσ
∂t

= Mσ − Gσ, (1)

where Mσ is the advective transport convergence through the open 
boundaries of the domain and Gσ is the diapycnal transformation rate 
taken place in the domain. The WMT rates from the surface are domi-
nant in Gσ and are indicated by ΨWMT:

ΨWMT( y,σ2) =
1
Δσ2

∫
xE

xW
∫

yN

y
− ρ0
g Bflux(x, y)Π(σ2)dy′dx′ (2)

where

Π(σ2) = {
1 ifσ2 −

σ2
2
≤ σ2 < σ2 +

σ2
2

0 elsewhere
, (3)

and we use a potential density bin size of Δσ2 = 0.05 kg m−3. The quantity 
Bflux is the surface buoyancy flux:

Bflux(x, y) =
gα
ρ0Cp

Qheat +
gβSsurf
ρ0

Qfresh = BTflux + B
S
flux (4)

and we also analyse the upper 1,000 m ocean buoyancy:

Bocean(T, S) =
g
ρ0

∫
0

−1,000
(σ(z) − σ(z = 0))dz. (5)

In the relations above, α is the thermal expansion coefficient, Cp the 
specific heat capacity, Qheat the net heat flux into the ocean, β the haline 
contraction coefficient, Ssurf the sea surface salinity, Qfresh the net fresh-
water flux into the ocean, g (9.8 m s−2) the gravitational acceleration, z 
the coordinate of integration and ρ0 (1,027 kg m−3) a reference density. 
For each quantity, we used its local value, and for α, β and Cp we used 
the Thermodynamic Equation of SeaWater 2010 (TEOS-10) toolkit82. 
All the analyses are conducted on monthly averaged fields (due to 
strong seasonal cycle), and the related time series are subsequently 
averaged to yearly values.

Defining the onset of AMOC collapse
A freshwater forcing threshold for AMOC collapse can be accurately 
determined in the quasi-equilibrium PI hosing simulation, where the 

crossing of the tipping point in the forcing coincides in time with the 
start of abrupt AMOC weakening33. However, under transient climate 
change, it is more challenging to deduce the onset of the collapse, as 
the transition is not sharp in time and is preceded by AMOC weaken-
ing35. Defining the onset of the collapse based on AMOC strength has 
its limitations7,32,34, and instead, van Westen et al. 34 proposed the sign 
change in the spatially averaged Bflux over the North Atlantic isopycnal 
outcropping region (40° N–65° N; Extended Data Fig. 2g,h). The timing 
of the sign change is robust when this latitudinal band is slightly varied. 
The spatially averaged Bflux is strongly related to the adiabatic pathways 
that are part of the AMOC (that is, ΨNADW; see main text), and this esti-
mate works very well for CESM, as well as for other CMIP6 models34.

Here, the AMOC collapse onset is defined as the timepoint 
(or corresponding GMST anomaly) at which the 11-year run-
ning mean of Bflux first switches sign from negative to positive 
(Extended Data Table 1). This definition holds whether the tipping 
event is rate-induced or bifurcation-induced.

The Atlantic freshwater budget
The freshwater budget over a latitude band (y1 to y2) in the Atlantic 
Ocean is defined as

dW
dt

= Fcon + Fsurf + Fmix (6a)

W = − 1
S0

∫
0

−H
∫

y2

y1
∫

xE

xW
(S − S0)dxdydz (6b)

where W  is the freshwater content, Fcon is the freshwater convergence 
and is determined as the total freshwater transport through the bounda-
ries, Fsurf is the surface freshwater flux and Fmix is a residual term that 
closes the budget and captures for example diffusion83. Fcon is primarily 
governed by the total meridional freshwater transports and is defined by

Ftot( y) = − 1
S0

∫
0

−H
∫

xE

xW
v(S − S0)dxdz (7)

and can be further decomposed in an overturning (Fov), azonal gyre 
(Faz), barotropic (Fbt ≈ 0) and eddy (Feddy) contribution:

Fov( y) = − 1
S0

∫
0

−H
[∫

xE

xW
v∗dx] [⟨S⟩ − S0]dz, (8)

Faz( y) = − 1
S0

∫
0

−H
∫

xE

xW
v′S′dxdz, (9)

Fbt( y) = − 1
S0

∫
0

−H
∫

xE

xW
̂v ( ̂S − S0)dxdz, (10)

Feddy( y) = − 1
S0

∫
0

−H
∫

xE

xW
̃v ( ̃S − S0)dxdz. (11)

Here, v* is defined as v∗ = v − ̂v, where v is the meridional velocity and 
̂v  ( ̂S) is the section spatially averaged meridional velocity (salinity).  

The quantity 〈S〉 indicates the zonally averaged salinity, and primed 
quantities (v′ and S′) are deviations from their respective zonal aver-
ages. The ̃v  and ̃S are the eddy terms for velocity and salinity, respec-
tively, with more details provided in ref. 83.

The five-box AMOC model
The idealized five-box AMOC model dynamically resolves salinities, 
temperatures and the pycnocline depth (Extended Data Fig. 9). The 
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model has the asymmetric freshwater flux forcing, EA, as a control param-
eter. In addition, the model is forced by a varying temperature anomaly 
ΔTan applied to Tan (and also Tas  as they are coupled). More details, param-
eter settings and sensitivity experiments are provided in refs. 7,30; the 
version analysed here does not consider sea-ice insulation effects.

We note that previous versions of the model (including the ver-
sions used in refs. 7,28,30) produce an artificial freshwater and tem-
perature flux under pycnocline variations. The volume transport 
between the ts-box and t-box, qS, is here corrected by substituting in 
the model equations:

qS ⟶ qS −
LxALy
2

dD
dt

, (12)

where LxA is the zonal extent of the ts-box, Ly is the meridional extent 
of the ts-box and D is the pycnocline depth. The volume transport 
between the d-box and s-box, which also uses qS, is left unchanged. This 
correction does not impact the steady states because 

dD
dt

= 0, but does 
influence transient responses for considerable pycnocline 
depth variations.

Data availability
The (processed) model output is available via Zenodo at https://doi.org/ 
10.5281/zenodo.21352775 (ref. 67). The CMIP6 model output is pro-
vided by the World Climate Research Programme’s Working Group 
on Coupled Modeling.

Code availability
The analysis scripts are also available via Zenodo at https://doi.org/ 
10.5281/zenodo.21352775 (ref. 67).

References
79.	 Smith, R. et al. The Parallel Ocean Program (POP) Reference 

Manual (NCAR, 2010).
80.	 Neale, R. B. et al. The mean climate of the Community 

Atmosphere Model (CAM4) in forced SST and fully coupled 
experiments. J. Clim. 26, 5150–5168 (2013).

81.	 Hunke, E. & Lipscomb, W. The Los Alamos Sea Ice Model, 
Documentation and Software Technical Report LA-CC-06-012 
(2008).

82.	 McDougall, T. J. & Barker, P. M. Getting started with TEOS-10  
and the Gibbs Seawater (GSW) oceanographic toolbox.  
Scor/iapso WG 127, 1–28 (2011).

83.	 Jüling, A., Zhang, X., Castellana, D., Von Der Heydt, A. S. & 
Dijkstra, H. A. The Atlantic’s freshwater budget under climate 
change in the Community Earth System Model with strongly 
eddying oceans. Ocean Sci. 17, 729–754 (2021).

84.	 Elson, P. et al. SciTools/cartopy: REL: v0.24.1. Zenodo https://doi.org/ 
10.5281/zenodo.13905945 (2024).

Acknowledgements
The model simulation and the analysis of all the model output was 
conducted on the Dutch National Supercomputer Snellius within 
NWO-SURF project 2024.013. We thank M. Kliphuis (IMAU, UU) for 
performing these simulations, P. Ritchie (University of Exeter) for useful 
discussions on rate-induced tipping and E. Vanderborght for pointing 
out the correction (equation (12)) to the five-box model. The maps in 
Extended Data Figs. 3 and 5 were generated using Cartopy84.

Author contributions
R.B., R.M.v.W. and H.A.D. conceived the idea for this study. R.M.v.W. 
conducted the analysis and prepared all figures. All authors were 
actively involved in the interpretation of the analysis results and the 
writing process.

Funding
R.M.v.W. and H.A.D. are funded by the European Research Council 
through the ERC-AdG project TAOC (project 101055096). R.B. 
acknowledges the ClimTip project, which has received funding 
from the European Union’s Horizon Europe research and innovation 
programme under grant agreement no. 101137601. This is ClimTip 
contribution #150.

Competing interests
The authors declare no competing interests.

Additional information
Extended data is available for this paper at  
https://doi.org/10.1038/s41558-026-02730-w.

Supplementary information The online version  
contains supplementary material available at  
https://doi.org/10.1038/s41558-026-02730-w.

Correspondence and requests for materials should be addressed to 
René M. van Westen.

Peer review information Nature Climate Change thanks  
Camille Hankel, Anastasia Romanou and the other, anonymous, 
reviewer(s) for their contribution to the peer review of this work.  
Peer reviewer reports are available.

Reprints and permissions information is available at  
www.nature.com/reprints.

http://www.nature.com/natureclimatechange
https://doi.org/10.5281/zenodo.21352775
https://doi.org/10.5281/zenodo.21352775
https://doi.org/10.5281/zenodo.21352775
https://doi.org/10.5281/zenodo.21352775
https://doi.org/10.5281/zenodo.13905945
https://doi.org/10.5281/zenodo.13905945
https://doi.org/10.1038/s41558-026-02730-w
https://doi.org/10.1038/s41558-026-02730-w
http://www.nature.com/reprints


Nature Climate Change

Article https://doi.org/10.1038/s41558-026-02730-w

Extended Data Table 1 | Simulations performed with the CESM

Simulation name FH Forcing conditions Collapse onset AMOC strength GMST anomaly

(Sv) (model year) (Sv) (°C)

Extended RCP4.5 #1 0.18 Historical–RCP4.5 – – –

Extended RCP8.5 #1 Historical–RCP8.5 2099 7.8 + 4.151

Extended RCP2.6 0.45 Historical–RCP2.6 – – –

Extended RCP4.5 #2 Historical–RCP4.5 2111 8.3 + 2.192

Extended RCP8.5 #2 Historical–RCP8.5 2061 9.0 + 2.782

CO2 ramp #1 0.45 +0.5 ppm yr−1 of CO2 – – –

CO2 ramp #2 +2.5 ppm yr−1 of CO2 139 9.0 + 2.023

CO2 ramp #3 +5.0 ppm yr−1 of CO2 78 8.8 + 1.993

Overview of the available CESM simulations, including the value of FH  and forcing conditions. Where applicable, the timing of AMOC collapse onset and the associated AMOC strength and 
GMST anomaly (compared to: 1 = Historical of FH = 0.18 Sv (1850 – 1899); 2 = Historical of FH = 0.45 Sv (1850 – 1899); 3 = PI steady state of FH = 0.45 Sv) are also indicated.
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Extended Data Fig. 1 | Atlantic Ocean Responses for the slow CO2 ramp.  
(a & b): The time-mean AMOC in depth coordinates for model years a) 1 – 50  
and b) 1701 – 1750. The lower panel shows the meridional heat transport (MHT).  
(c & d): The time-mean AMOC in density coordinates for model years c) 1 – 50 and 
d) 1701 – 1750. The three curves represent the (section-averaged) depth level, 

whereas the 20 m depth contour is smoothed to reduce its meridional variability. 
(e): The zonally-averaged temperature difference between model years  
1701 – 1750 and PIon45  (shading). The curves are three isotherms of PIon45. (f): Similar 
to panel e, but now for the zonally-averaged salinity.

http://www.nature.com/natureclimatechange
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Extended Data Fig. 2 | Surface buoyancy flux decomposition. (a – f): The 
surface buoyancy flux differences (compared to PIon45) between 40∘N – 65°N for 
the three CO2 ramps, decomposed into the different heat (left column) and 
freshwater (middle column) fluxes. The insets shows the yearly-averaged sea-ice 

area (grid cells with sea-ice fractions of at least 15%) between 40°N – 65°N.  
(g & h): The Bflux decomposition for the CO2 ramps (in units of PI CO2) and 
historical and RCP scenarios. All time series are smoothed through a 25-year 
running mean to reduce the variability.
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Extended Data Fig. 3 | Mixed layer depth and sea-ice extent for the slow CO2 
ramp. (a): The March mixed layer depth and sea-ice extent (that is, 15% sea-ice 
fraction contour) for model years 1 – 50. (b & c): Similar to panel a, but now for  
b) model years 701 – 750 and c) 1701 – 1750. (d): The spatially-averaged March 

mixed layer depth and sea-ice fraction over the Labrador basin (black outlined 
region in panel a). The thin curves are yearly averages, whereas the thick curves 
are smoothed versions (25-year moving averages). Basemaps in a–c generated 
with Cartopy84.
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Extended Data Fig. 4 | Upper 1000 m ocean buoyancy. (a,c,e): The upper 1,000 
m ocean buoyancy between 40°N – 65°N for the three CO2 ramps. The ocean 
buoyancy is decomposed into a temperature and salinity contribution using the 
fixed salinity and temperature fields from PIon45, respectively. (b,d,f): The 
buoyancy frequency (N2 = −g

ρ0

∂ρ
∂z

) difference (compared to PIon45) for the three CO2 
ramps, which is split into an upper 1,000 m and below 1,000 m contribution. 

(g,h): The upper 1,000 m buoyancy frequency difference for the CO2 ramps 
(compared to PIon45, in units of PI CO2) and historical and RCP scenarios (compared 
to the historical period of 1850 – 1899). In all panels, the thin curves are yearly 
averages, whereas the thick curves are smoothed versions (25-year moving 
averages).
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Extended Data Fig. 5 | Salinity and freshwater flux responses for the slow CO2 
ramp. (a): The depth-averaged (upper 100 m) salinity differences between model 
years 1701 – 1750 and PIon45. (b – f): The surface freshwater flux differences and its 
decomposition between model years 1701 – 1750 and PIon45  (positive = relative 

surface freshening). In all panels, the circled markers indicate non-significant 
(p≥0.05, two-sided Welch t-test) differences, markers were not displayed when 
no sea ice was present (panel f). Basemaps generated with Cartopy84.

http://www.nature.com/natureclimatechange
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Extended Data Fig. 6 | Freshwater transport decomposition for the slow CO2 
ramp. (a & b): The freshwater transports at 34°S and 65°N. (c): The salinity 
difference along 34°S at the end of the simulation compared to PIon45, with the 
dashed lines indicating the different water masses49. (d): The salinity difference 
(compared to PIon45) over the deep western boundary current (DWBC, red outlined 

region in panel c). (e): The FovS decomposition, following the procedure outlined 
in49. (f): The FovS variance, where the variance is determined over 50-year sliding 
windows. A linear trend is removed over the 50-year window before determining 
the variance. In panels a – e, the thin curves are yearly averages, whereas the thick 
curves are smoothed versions (25-year moving averages).
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Extended Data Fig. 7 | AMOC strength and salinity at 34°S under climate 
change. (a): The AMOC strength (at 26°N and 1,000 m depth) for the historical 
and RCP2.6 with FH = 0.45 Sv and historical and RCP4.5 with FH = 0.18 Sv.  
(b): Similar to panel a, but now for the salinity over the DWBC region (region in 

Extended Data Figures 6c) compared to 1850 – 1899. (c & d): Similar to Fig. 5d, but 
now for the two climate change scenarios. (e – h): Similar to panels a – d, but now 
for the GISS-E2-1-G (r2i1p1f2). In panels a,b,e,f, the thin curves are yearly averages, 
whereas the thick curves are smoothed versions (25-year moving averages).
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Extended Data Fig. 8 | AMOC strength and salinity at 34°S under the historical and SSP1-2.6 scenario. Similar to Extended Data Figure 7, but now for 7 different 
CMIP6 models under the historical and SSP1-2.6. The specific realisations are indicated in the captions of panels c through i.
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Extended Data Fig. 9 | The 5-box AMOC model. (a): Schematic of the 5-box AMOC  
model, with an AMOC on state (clockwise circulation, dashed red arrows) and  
AMOC off state (anticlockwise circulation, dotted red arrows). (b): Bifurcation  
diagram under varying EA, showing equilibria for fixed ΔTan = 0∘C and ΔTan = 5∘C.  
(c & d): Sketch of the (forcing path-dependent) stability landscape as a classical  
double-well potential, with the left and right minima representing the ‘AMOC on’  

and ‘AMOC off’ states, respectively, shown for the slow and fast warming cases.  
In this landscape, the system state is remapped based on the distance to the  
saddle-node bifurcation, where a larger (smaller) distance means that the AMOC  
is more (less) stable, as is reflected by a relatively deep (shallow) left minimum.  
The system trajectory is shown by the black curve. (e): Similar to Fig. 6d, but now  
for a linear ramp up to ΔTan = 10∘C.
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